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Introduction

Over time, the surface topography evolves in response to interactions and feedbacks between
climate, erosion and tectonic processes. Erosion and weathering processes lead to surface
denudation (Roe et al. 2008; Stanley et Luczaj 2015). Erosion processes such as landslides are
a main driver of landscape evolution and a dominant source of sediments, especially in steep
and mountainous regions (Vanacker et al. 2015). However, the role of landsliding in sediment
mobilization and denudation remains poorly understood and quantified (Clapuyt et al. 2019;
Broeckx et al. 2020). Based on empirical data of landslide inventories, the number of landslides
that occur at different sizes can be quantified by frequency-area distribution.

Several studies have proposed that the frequency-area distribution of medium and large
landslides follows a power law distribution (Hovius et al. 1997; Guzzetti et al. 2002; Malamud
et al. 2004; Guzzetti et al. 2009; Larsen et al. 2010; Tanyas et al. 2019). However, Guzzetti et
al. (2002) and Malamud et al. (2004) reported a divergence of the frequency of small
landslides from the power law distribution, and proposed alternative approaches based on
the inverse-gamma distribution. Relying on the landslide frequency-area distribution, the
average landslide mobilization rate (LMR) can be derived. The LMR value represents the
volume of landslide-derived sediment that is displaced per unit of area per year [m3 km2yr]
(Guzzetti et al. 2009; Vanacker et al. 2020), and provides insights on the geomorphological
impact of landslides in sediment source areas (Broeckx et al. 2020).

By studying the transfer of landslide-derived sediment from the source areas to the fluvial
system, it is possible to acquire observations on the long-term topographic evolution of
landslide-affected areas. Bracken et al. (2015) proposed the framework of sediment
connectivity to study the transfer of sediment from a source to a sink in a catchment, and the
movement of sediment between different zones within a catchment. The sediment
connectivity index (/C) developed by e.g. Borselli et al. (2008) allows the computation of the
potential connections between hillslope sediment sources and the fluvial networks.

The evacuation of sediment by the fluvial network can be derived from in-situ produced
cosmogenic nuclides, such as beryllium-10 (}°Be), in soils and sediments (Bierman et al. 2005;
Binnie et al. 2007; Vanacker, von Blanckenburg, Hewawasam, et al. 2007). Norton et al. (2010)
computed denudation rates over late Holocene timescales (0.5-3 kyr) in 13 catchments of the
upper Rhone Valley in the Swiss Alps. They reported rates that varied by more than two orders
of magnitude, and were dependent on the presence of glaciers in the headwater basins.

The objective of this work is to contribute to a better understanding of landslide-driven
sediment dynamics in mountainous regions. More specifically, the following aspects were
examined (i) the landslide distributions based on a new landslide inventory, (ii) the ratio of
landslide mobilization rates to denudation rates and (iii) the spatial variation of sediment
connectivity in alpine catchments was explored. This work is based on a case study of two



catchments (one fluvial: Nider and one glacial: Mins) located in the upper Rhone Valley of the
Swiss Alps.

This master’s thesis is composed of five chapters. The first one is a literature review on
landscape evolution, hillslope processes occurring in mountainous regions, sediment
connectivity and methods to assess it. In the second chapter, the study area is presented with
a geomorphological sketch of the upper Rhéne Valley and the denudation rates of the two
selected catchments. The third chapter is dedicated to data collection and processing:
computation of the landslide inventory and magnitude-frequency distributions, estimation of
LMR and IC values. The two final chapters present and discuss the results.



1. Literature Review
1.1. Landscape evolution

Over time and space, surface topography evolves in response to interactions and feedbacks
between climate, erosion and tectonic processes. Climate influences erosion processes and
climate is itself controlled by the topography. Erosion processes move mass within the system,
while tectonic processes, e.g. convergence of lithospheric plates, add mass into it (Roe et al.
2008). Two components contribute to uplift: tectonic and isostatic components (Burbank et
Anderson 2012). Rock uplift is the vertical motion of rocks relative to a reference level, i.e.
usually the geoid (Stliiwe et Barr 1998). Isostatic uplift, on the other hand, is the crustal
rebound on the earth's mantle that isostatically compensates for the removal of materials by
erosion (Bernet et al. 2001; Burbank et Anderson 2012; Mey et al. 2016).

In 1975, Hack proposed a landscape development model where landscapes come into a
dynamic equilibrium when rates of deformation and rates of erosion are sustained for a long
time period. A mountain range resulting from tectonic plate collision grows over time. At some
point, the relief on hillslopes creates forces exceeding the rock strength leading to surface
collapse. Even if rates of tectonic forcing persist for very long periods, the topography cannot
indefinitely increase because of the limited strength of rocks. With continued bedrock uplift,
additional slope failures will limit the height that the topography could attain. Eventually, the
topography will reach a steady-state or a dynamic equilibrium (Hack 1975).

Denudation rates quantify the Earth's surface lowering per unit of time for a given spatial area
(Burbank et Anderson 2012). Earth surface denudation occurs as a result of erosion and
weathering processes. Weathering is a collective term for the chemical and physical processes
that break down rocks of any kind. Physical weathering is the mechanical fragmentation of
rock without chemical alteration, whereas chemical weathering is the alteration or dissolution
of minerals in rocks (Gabet et Mudd 2009; Stanley et Luczaj 2015). Physical weathering is
mainly controlled by ice, snow, water, temperature changes, as well as earth movements.
When rock mass is exhumed, elastic strain release causes fractures and discontinuities in rocks
which eventually exfoliate at the surface, ready to be subsequently weathered and eroded by
external agents. In cold environments, frost shattering occurs due to temperature variations.
Indeed, water expands when it freezes and the increase of pressure splits the rocks into
smaller fractions of different sizes (Stanley et Luczaj 2015). Erosion is the process that
mobilizes rock and sediment material at the surface and moves them downslope and
downstream. Sediment is all material deposited on Earth’s surface by water, ice, or air, or by
gravitational transport down a slope. Grains of sediment accumulate in a variety of sediment
sinks such as landslide deposits, alluvial fans, river channels, lake bottoms, sandy beaches, and
eventually seafloors (Stanley et Luczaj 2015). The type and magnitude of erosion and
weathering processes depend on local conditions, i.e. climate, substrate, topography and
tectonics (Aalto et al. 2006; Binnie et al. 2007; Turowski et Cook 2017). From the Middle
Pleistocene (781 to 126 kyr) to the Pleistocene-Holocene boundary (11.7 kyr before the year
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2000), the succession of glacial and non-glacial periods led to erosion processes and prevented
landscapes to reach an equilibrium state (Burbank et al. 2012). At the global scale, Quaternary
glaciations have eroded wide and over-steepened valleys (Peizhen et al. 2001).

1.2. Hillslope processes in mountainous environments

Over different spatial and temporal scales, tectonic and geomorphic processes are the main
drivers of landscape evolution. In mountainous environments, river incision controls the
evolution of surface topography by oversteepening hillslopes (Egholm et al. 2013; Vanacker
et al. 2015). Steep slopes in turn adjust their morphometry with gully retreat, bank erosion
and landslides (Fryirs 2013), whereas soil creep processes denude surrounding low-gradient
slopes (Norton et al. 2010). Hillslope erosion mobilizes soil and regolith that can later be
transported by gravity and water to the river network and subsequently further downstream
(Fryirs 2013). At global scale (Broeckx et al., 2020) and more specifically in steep and
mountainous regions (Larsen et al., 2014; Vanacker et al. 2015), landsliding is a dominant
process of sediment mobilization and landscape denudation. Landslides processes are a
dominant source of sediments (Korup et al. 2010) with the amount of material displaced being
a function of their magnitude and frequency (Hovius et al. 1997; Crozier et Glade 1999;
Malamud et al. 2004). At catchment scale, these stochastic processes can mobilize material
that is either directly transported downstream or temporarily stored as colluvial fans on
hillslopes. After rainfall events, debris flows can transport sediments to the fluvial system if
the hillslope is physically linked to channels (Benda et Dunne 1997; Clapuyt et al. 2019).

To quantify the supply of sediment from landslides, the landslide mobilization rate (LMR) can
be derived. This variable represents the volume of landslide material that is displaced per unit
of area per year [m3 km2yr] (e.g. Guzzetti et al. 2009). The mobilization rate needs to be
derived from complete landslide inventories that are covering a sufficiently long period and
contain information about their respective sizes in combination with statistical relationships
describing landslide size distributions (Hovius et al. 1997; Malamud et al. 2004; Guzzetti et al.
2009; Larsen et al. 2010) and empirical landslide area-volume relations (Larsen et al. 2010;
Guns et Vanacker 2014). Because landslide mobilization rates are influenced by rare landslide-
triggering events, the estimation of LMR requires sufficiently long periods of observation
(Marc et al. 2015). Vegetation cover change can affect landslide frequency-area distributions
as demonstrated by Guns and Vanacker (2014).

The contribution of landslide-derived sediment to the catchment sediment yield remains
generally difficult to quantify (Hovius et al. 2000; Fuller et al. 2003). Much of the landslide-
derived sediment is stored within catchments and does not directly contribute to specific
sediment yields (SSY, [t km2yr?]). The latter represents the amount of material transported
and evacuated out of a catchment (Broeckx et al. 2016, 2020). To improve the quantification
and understanding of the landslide contribution to catchment sediment yield, processes
driving the internal catchment sediment dynamics must be taken into account, e.g. sediment
movements within catchments, presence of local storage, landscape connectivity and
sediment (dis)connectivity of landslides within the catchment (Cook et al. 2020). Depending
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on the size of landslide and local topography, the displacement distance or runout length of
mobilized landslides is mostly fall within the order of 1-1000 meters (e.g. Clapuyt et al. 2017;
Rickenmann 2005). This could imply that most of the mobilized landslide material is deposited
locally at foot slopes and in zero-order catchments while remaining disconnected from the
river system for long periods (Hovius et al. 2000). Studies have shown that SSY generally
decreases with increasing catchment area because of the increasing importance of sediment
storage with increasing catchment area (Birkinshaw et Bathurst 2006; Vanmaercke et al. 2011;
Larsen et al. 2014). Based on this, the SSY/LMR ratio is expected to decrease with increasing
catchment size, given the increased storage opportunities for landslide-derived sediments
(Broeckx et al. 2020).

Nevertheless, landslides and river networks constitute an important system of sediment
production and transport (Hovius et al. 1997) but assessing its contribution to the sediment
transport of river systems remains a key challenge to correctly predict the catchment
sediment yields (Benda et Dunne 1997; Cook et al. 2020).

1.3. Sediment connectivity

The movement of sediment from source areas to the catchment outlet are "complex” (Fryirs
2013) because of issues linked to dynamics of sediment supply, processes of transfer between
hillslopes and channels, to possibilities for deposition within catchments as well as spatial
scales of erosion rates (Bracken et al. 2015). Landslides and sediment transport are also
stochastic processes too. Therefore, quantifying the impact of landslide events on the
sediment cascade or their contribution to erosion is a arduous task (Burbank et al. 2012;
Berger et al. 2011; Clapuyt et al. 2019). One approach in assessing the contribution of each
component of the sediment yield, is the concept of sediment connectivity.

In hydrological and geomorphological studies, landscape connectivity relates to the physical
coupling of landforms (e.g. hillslope to channel) within a drainage basin (Bracken et Croke
2007; Hooke 2003). The connectivity of geomorphic systems can be defined by the water-
mediated transfer of sediment between two different compartments of the catchment
sediment cascade. Compartments are sediment stores or sinks to which sediment is added or
removed through time. In catchments, three main types of linkages exist: longitudinal, lateral,
and vertical. These linkages can interfere with blockage features termed buffers, barriers, or
blankets. For example, lateral linkage can be characterized by the relationship between the
slope-channel and the channel-floodplain. Landslide, gully, and alluvial fan stability can
control the strength of this lateral linkage (Fryirs 2013).

Sediment connectivity is the connected transfer of sediment from a source to a sink in a
system via sediment detachment and transport, controlled by how the sediment moves
between all geomorphic zones in a landscape. In a catchment, those movements occur on
hillslopes, between hillslopes and channels and within channels (Bracken et al. 2015). The
hillslope-channel geomorphic coupling drives the response of the geomorphic system to
sediment transfers (Clapuyt et al. 2019).



To apply the framework of sediment connectivity, it is necessary to establish a sediment
budget, which measures the different sediment fluxes between sources and sinks. To
construct a sediment budget, four main elements of the sediment conveyor belt must be
qguantified: delivery from sources (slope or valley floors), entrainment at critical shear stress,
transport downstream (suspended load, bedload, or mixed load), and deposition in a temporal
storage or more permanent sink. Landforms with short storage lifetimes are generally bars
and banks, which are dependent on and characteristic of the river system. In contrast, slopes,
floodplains and terraces are more permanent storage, where sediments remain in place for
longer periods. Erosion, sediment transport and deposition occur at the grain scale, to
produce landscape features at scales that are several orders of magnitude larger (Cooper et
al. 2012). Interactions between these processes eventually control sediment flux at the
catchment scale (Fryirs 2013).

To analyze hydrological and sediment connectivity, geomorphological and sedimentological
field observations are commonly used (Bellin et al. 2009; Brown et al. 2009; Berger et al. 2011).
An alternative is using geomorphometric indices based on digital terrain models. Geomorphic
indices enable the identification of areas with potential for erosion, deposition and the linkage
between them in landscapes. For example, Mitasova et al. (1996) proposed GIS-based
methods for modeling the topographic potential for erosion and deposition with the Universal
Soil Loss Equation (USLE) (Wischmeier et Smith 1978) as well as stream-power-based
approaches. Borselli et al. (2008) developed a sediment connectivity index that showed good
performance to define a hillslope sediment delivery ratio, i.e. the fraction of hillslope gross
erosion that is delivered to the fluvial system. These models are based on similar approaches
used in physical landscape evolution models, where sediment fluxes are derived by a linear or
nonlinear relation with the hillslope gradient (Roering et al. 2001; Bishop 2007).

1.4. Methods to assess sediment budget in mountainous areas

In the study of mountainous landscape evolution and particularly mountainous environments,
several data-oriented approaches help to assessing a sediment budget. Among others,
cosmogenic nuclides as a long-term dating method, landslide mapping and connectivity
indices are commonly used by geomorphologists.

1.4.1. CRN dating method for long-term quantification

In the last decades, cosmogenic radionuclides (CRN) have become a powerful scientific tool in
Quaternary geochronology and landscape evolution studies (lvy-Ochs et Kober 2008). By
measuring CRN concentrations in rocks or sediments, the duration of exposure at or near the
surface of the Earth can be assessed (lvy-Ochs et Kober 2008). Cosmogenic radiation from
outer space continuously bombards rocks and sediment. Interaction between cosmic
radiation and elements in minerals located in the upper few meters of the Earth’s surface
produce stable (e.g. 3He and 2!Ne) and radioactive (e.g. °Be, *C, 2°Al, and 3°Cl) nuclides
(Bishop 2007).
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The concentration of cosmogenic nuclides in rocks at the
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(Figure 1A).

Figure 1 : Rock-surface erosion and cosmogenic
concentrations (Burbank et Anderson, 2012).

The production of cosmogenic nuclides can be derived based on information on latitude,
altitude and topographic exposure of the material. Knowing the production rates of the
nuclides, the concentration of a particular isotope in a sample can be used to derive the
surface exposure age (time since the sample has been exposed in the upper meters of the
Earth’s surface) when the erosion rate of the sampled surface is negligible (< 1 m Myrtor<1
mm kyr?) since exposure. This is typically the case for exposed rock surfaces or large boulders.
Combining several cosmogenic nuclides allows to verify this assumption.

When surface is eroded, the isotope concentration can be interpreted in terms of exposure
age and erosion rate. By assuming that the surface is undergoing steady and uniform
denudation, i.e. lowering, over a time period long enough to reach secular equilibrium, the
isotope concentrations can be converted in denudation rates (Figurel A). For more complex
situations, numerical model approaches have been developed (e.g. Bishop 2007) that take
multiple CRN concentrations into account.

At the catchment scale, the analysis of the cosmogenic radionuclide concentration of a sample
of detrital quartz from the river sediment provides an average catchment-wide erosion rate
over a millennial timescale. The assessment of the catchment-wide denudation rate is made
under the assumption that quartz grains are derived from the entire catchment area and that
tributaries contribute with sediment proportionally to their local erosion rate. As cosmogenic
radionuclides integrate over hundreds to thousands of years, they provide mean denudation
rates that are likely free of anthropogenic perturbations (Vanacker, von Blanckenburg,
Govers, et al. 2007), in contrast to short-term measurements computed over years to decadal



scale which may be subject to short-term fluctuations in erosion, weathering and land use
(Granger et Riebe 2003; Burbank et Anderson 2012).

This technique is suitable to quantify exposure and denudation of rocks, soils and sediments
over timespans of 1 kyr to 1 Myr, which is not possible with other dating techniques such as
luminescence or radiocarbon dating. For example, luminescence dating cannot be used for
coarse-grained material or sediments that have not been exposed to light long enough to trap
sufficient energy. CRN dating method is also suitable to date organic-rich material that is older
than the typical 50 kyr time span limitation of radiocarbon dating. Moreover, radiocarbon
dating cannot be used to date sediment without organic matter (which is the case for most
high alpine early Holocene or Lateglacial deposits). The wide variety of nuclides available
(stable or with different half-lives) and the capacity to measure them in a variety of minerals
allow the study of timing and rates of change of a large spectrum of landforms using
cosmogenic nuclides (lvy-Ochs et Kober 2008).

1.4.2. Landslide mapping for short-term quantification

A landslide is the movement of a mass of rock, debris, or earth down a slope, under the
influence of gravity (Guzzetti et al. 2012). The general term “landslide” includes a range of
slope movements, such as soil slip, deep-seated slides, mudflows, debris flows, rockfall, etc.
(Varnes 1978). Triggering factors are rainfall, earthquakes, rapid snow melting, volcanic
activity, and multiple human actions (Turner et Schuster 1996). This physical process develops
through different stages over time: pre-failure deformations, failure itself and post-failure
displacements (Hungr et al. 2014) (failure being the single most significant movement episode
in the known or anticipated history of a landslide). A single failure can initiate a displacement
or strain discontinuity and develop a ruptured surface. This rupture zone is discrete or
distributed in a zone of a finite thickness (Tchalenko, J. S.; Morgenstern, N. R. 1967). After
failure, the sliding material looses strength and the post-failure velocity of the landslide
determines the change in the failure stage, from sliding to flow or fall (Hungr et al. 2014). The
behavior and the type of landslides depend primarily on the type of movement and secondly
on the material (Varnes 1978).

The increasing availability of digital topography due to recent technologies based on airborne
satellite imaging (e.g. Light Detection And Ranging (LIDAR) and terrestrial remote sensing
facilitates the study of topography (Passalacqua et al. 2015). Digital topographic
representations enable to produce landslide inventories (Strozzi et al. 2010; Barboux et al.
2014; Tanyas et al. 2017) where mapped areas are both the failure and runout areas. For
complex slope movements, the boundary between the stable terrain and the failure or failed
mass is transitional and often exhaustively fixed. In such case, the landslide failure area is
difficult to determine with high precision (Malamud et al. 2004).



The quality of a landslide inventory depends on its accuracy and the type and certainty of the
information contained. However, defining the accuracy of a landslide inventory is not
straightforward. Accuracy depends on the completeness of the map as well as the
geographical and thematic correctness of the information shown on it. Cartographic and
geomorphic error are associated with the interpretation and transfer of landslide information
between aerial photographs and digital mapping (Galli et al. 2008). The completeness refers
to the proportion of landslides represented in the inventory in comparison to the real number
of landslides in a study area (Guzzetti et al. 2012). Because the real number is usually
unknown, the level of completeness of the inventory is also unknown. Furthermore, the
completeness is directly linked to the minimum mapping unit which is the size of the smallest
landslide that can be identified with a given method. Thus estimating the completeness of a
landslide inventory is a difficult task (Guzzetti et al. 2012).

The number of landslides that occur with different sizes can be quantified by a frequency-area
distribution. Based on empirical data of landslide inventories, previous studies (e.g. Hovius et
al.,1997; Guzzetti et al., 2002, Malamud et al., 2004; Guzzetti et al., 2009; Larsen et al., 2010)
have proposed that the frequency-area distribution of medium and large landslides follows a
power law function (Figure 2). A power law function can describe any probability distribution
of the form p(x) = k xf. In a double logarithmic plot where Y = log (p(x)) is plotted
against X = log (x), the slope and the intercept of the regression line correspond to the
unknown parameter values of 8 and log (k). The slope is then known as the exponent or
scaling parameter of the power law function (Clauset et al. 2009). This type of power law
distribution is commonly applied to natural phenomena (e.g. earthquakes), and also landslides
inventories (Hovius et al. 1997; Guzzetti et al. 2002; Malamud et al. 2004; Guzzetti et al. 2009;
Larsen et al. 2010) as it allows the inclusion phenomena that differ in size, distribution,
pattern, and triggering mechanisms (Malamud et al. 2004). The value of power law exponent
B (scaling parameter) depends on the shape of the distribution and describes the power law
decay for medium and large values. Therefore, the scaling parameter is a consequence of the
studied landslide inventory. Several authors have shown that £ is in the range of 1.0 - 3.3 for
a variety of landslide inventories (Van Den Eeckhaut et al. 2007; Bennett et al. 2012; Tanyas
et al. 2018). For example, Hovius et al. (1997) computed f = 1.16 in the Southern Alps of New
Zealand, Stark et Hovius (2001) 8 = 2.11 in Taiwan and 2.44 - 2.48 in New Zealand, Malamud
et al. (2004) = 2.40 in the Umbria region in Italy and Guzzetti et al. (2002) § = 2.50 in central
Italy.

In addition, there is debate about the divergence of small landslides from the power law
distribution in some inventories (Guzzetti et al. 2002; Malamud et al. 2004). The divergence
refers to the point where the frequency-area value begins to decrease for smaller landslides
following a positive power law decay (Figure 2). For non-cumulative frequency-area
distributions, the point where the frequency density peaks is generally referred to as the
cutoff point (Stark et Hovius 2001; Parker et al. 2015) or the rollover point (Malamud et al.
2004; Larsen et al. 2010). The rollover behavior can be related to underreporting of small
landslides due to the mapping resolution (Stark et Hovius 2001; Bernard et al. 2020) but also
to other issues linked to the physics of landsliding, landscape steepness (Katz et Aharonov
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2006; Stark et Guzzetti 2009) and temporal resolution (Tanyas et al. 2019). After testing
several hypotheses on a variety of historical landslide inventories, Tanyas et al. (2019)
concluded that the divergence for small-landslides from the power law distribution cannot be
explained by a single factor. Because each inventory is different, Tanyas et al. (2019) have
proposed that a combination of factors related to spatial and temporal resolutions of mapping
and underlying failure process accounts for the deviation between landslide inventories and
power law probability functions.

Malamud et al. (2004) analyzed three well-documented landslide inventories from Italy,
Guatemala and California and found out that the probability density function of the landslide
areaisin good agreement with a truncated inverse-gamma distribution. Malamud et al. (2004)
demonstrated that the rollover of the distribution for small landslides is real and cannot be
explained as an artefact of inventory resolution. The distribution of small landslides in the
three inventories shows an exponential rollover and medium and large landslides areas decay
as a power law (characterized by a scaling exponent). Therefore, Malamud et al. (2004)
proposed that the probability density of landslide areas is well approximated by a three-
parameter inverse-gamma distribution:

P(ds; p.@,5) = arl(P) L‘XLa_ S]p+1 exp [_ A Ci s] @)

where I'(p) is the gamma function of p and 4 is the area of landslides.

The three parameters of the inverse-gamma probability distribution are (Equation 1):
- p controlling the power law decay for medium and large landslide areas,
- a controlling the location of the maximum probability distribution (rollover) and
- s controlling the exponential rollover for small landslide areas.

An inverse-gamma distribution f (y) is obtained by making the substitution x = 1/y into the
gamma distribution f(x). Fitting the three landslide inventories, Malamud et al. (2004) found
empirical values for p = 1.40,a=1.28 x 102 km? and s = 1.32 x 10"* km? by maximum-likelihood
optimization (r> = 0.965) (Equation 1). The value of p+1 equals to the scaling exponent 8 of
the power law.
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Figure 2 : Schematic of the main components of the non-cumulative from Tanyas et al. (2019).

Frequency-area probability distributions of landslides can be used as a proxy for the severity
of landslide events and to study their spatial distribution (Malamud et al. 2004; Larsen et al.
2010; Broeckx et al. 2016). Given the typical semi-ellipsoidal form of landslides, the volume V
of landslide-derived sediment can be determined from the landslide area A (Hovius et al.
1997; Larsen et al. 2010):

where y is the scaling exponent and log («) the intercept of the volume-area relationship.
The relation can be empirically determined based on field measurements (Hovius et al. 1997;
Guzzetti et al. 2009; Larsen et al. 2010). Larsen et al. (2010) have demonstrated that the
scaling exponent depends on the type of the landslide. Based on a compilation of landslide
geometry measurements from 4,231 individual landslides, Larsen et al. (2010) assessed that
shallow and soil-based landslides can be approximated by an y of 1.1-1.3 and other landslides
which have deeper scar area (because involving the failure of bedrock) are characterized by a
y of 1.3-1.6.

The volume-area relationship enables the computation of the total volume of landslide
material (TVL, [m3]) of a specific landslide inventory:

n
TVL = zVi (3)
i=1

where V; is the individual landslide volume [m?3] and n is the total number of landslides.
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The landslide mobilization rate (LMR, [mm kyr?] or [m® km2yr?]) is computed as (Larsen et
al. 2010):

LMR = ——— (4)
X

where TV L is the total volume of landslide material [m3], CA is the catchment area [km?] and
TS the time span of a complete landslide inventory [yr].

1.4.3. Connectivity indices

In alpine catchments, the rough and irregular topography induces important variations in
erosion and sediment delivery in the headwaters. It is the sediment connectivity between
hillslopes and channels and along the channel network which drives the sediment flux at the
outlet of mountainous catchments. The topographic representation of the surface was
enhanced with the use of very high resolution digital terrain models (Bishop 2007), which
improve the representation of drainage area, drainage pattern and surface roughness (Cavalli
et Marchi 2008; Trevisani et al. 2010). Cavalli et al. (2013) improve the connectivity index of
Borselli et al. (2008) by developing a sediment connectivity index (/C) to model sediment
pathways including debris flows and channelized sediment transport, particularly for alpine
environments. Cavalli et al. (2013) also adapted the workflow to a GIS environment to better
exploit high-resolution digital terrain models (DTMs) in steep terrain. The developments of
Cavalli et al. (2013) allow to limit bias in the IC derivation due to steep slopes. In an alpine
environment, steep slopes are generally located close to rocky cliffs and bedrock channels
where sediment mobilization occurs and storage is difficult (Cavalli et al. 2013).

Cavalli et al. (2013) applied the connectivity index (/C) on two adjacent catchments, i.e. Gadria
and Strimm, located in the upper Venosta (Vinschgau) valley in the Italian Eastern Alps (Figure
3). The two maps were computed to represent the potential transfer of sediment from
hillslopes to two different sink references: (1) the outlet (Figure 3a) and (2) the main channels
and lakes (Figure 3b) of the catchment. The outlet reference allows the assessment of
sediment connectivity until the outlet in order to analyze the export of sediments from the
catchment. The main channel and lakes allow the study of sediment delivery from the
hillslopes and zero order channels-tributaries until the main channel. A relatively high index
means high connectivity and efficient sediment transfer by e.g. debris flows. In contrast, low
values of connectivity index represent areas poorly connected to the outlet or other specific
targets. Because of morphological conditions, glacial cirques, lakes, or other hillslopes areas
can be decoupled from channels and so from sediment delivery to lower parts of the
catchment (Cavalli et al. 2013; Figure 3).
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Figure 3: IC channels map computed with reference to: a) the outlet of the studied catchments and b) the main channels and
lakes from Cavalli et al. (2013).

1.5. Research questions

Individual case studies have shown interesting results on denudation rates of alpine
catchments, landslide-derived sediment fluxes and sediment connectivity (Hovius et al. 1997;
Malamud et al. 2004; Ivy-Ochs et Kober 2008; Burbank et al. 2012; Cavalli et al. 2013).
However, few studies have combined these three different datasets. There is a gap in the
literature about the contribution of landslide-derived sediment to the overall sediment
budget of mountainous regions.

Therefore, to improve the understanding of sediment dynamics at catchment scale (Figure 4)
the objective of this study was to verify the two following hypotheses:

(1) The landslide magnitude-frequency distribution of an alpine area is not dependent
on the presence of glaciers in the headwaters. Catchments that are dominated by
glacial processes show similar probability distributions of landslides as catchments
dominated by fluvial processes.

(2) The denudation rate of alpine catchments is dependent on the landslide
mobilization rate in the headwaters. The contribution of landslide-derived denudation
to the overall denudation varies as a function of the geomorphic processes in the
headwaters, and the hillslope-channel connectivity.

13



The dataset for this study is composed of: orthophotos with 1 and 2.5 m of resolution? (2016),
Digital Elevation Model (DEM) with 2 m of resolution! (2016), satellite images? (2007) and
catchment-averaged denudation rates over late Holocene timescales (0.5-3 kyr) for some
catchments in the upper Rhone Valley (Appendix 3) from Norton et al. (2010).

Sediment dynamics

DEM

m Orthophotos
capacity

Denudation rate

(Norton et al., 2010)

Satellite images

b VS

Figure 4: Methodological workflow applied in this study.

1 SwissTopo open data repository (Federal Office of Topography swisstopo s.d.;

https://www.swisstopo.admin.ch/en/geodata.html)
2 Google Earth Pro 7.3.

14



2. Study area

The study area is composed of two river catchments located in the upper Rhone Valley in the
Western Swiss Alps. The Rhone Valley is the largest inner alpine catchment which extends in
the Canton of Valais between the Rhone Glacier and Lake Geneva with a size of 5,244 km?
(Figure 5). The Rhone River originates from the Rhéne Glacier (2,341 m asl) and crosses the
Western Swiss Alps with a total length of 164 km; with a NE-SW direction upstream of
Martigny and SSE-NNW direction downstream (Brandolini et al. 2020). Over the Quaternary
period, the upper Rhone Valley was covered by some of the thickest alpine glaciers (Kelly et
al. 2004). The Rhone Glacier filled the Upper Rhone Basin during the Last Glacial Maximum
(LGM), around 22.1 kyr ago. From this LGM position, the deglaciation and retreat of western
Alps glaciers started in 21.1 + 0.9 kyr BP and ice collapsed between 16.8 and 17.4 kyr BP.
(Schoch et al. 2018). The glacial and post-glacial processes shaped the topography of the upper
Rhéne catchment. The northern lateral tributary valleys parallel to the Rhone present effects
of glacial erosion (Reynard 2009). The side valleys are separated by broad soil-mantled ridges.
At lower elevations, triangular faceted surfaces are found between the streams. The side
valleys with the highest elevation of the headwaters were occupied by valley glaciers until the
current warm period of the Holocene. Where these glaciers were large, the valleys have been
deeply scoured, with wide valley bottoms, U-shaped cross-sections, and steep valley walls. In
all other side valleys of the upper Rhone Valley, Pleistocene glaciers were either too small to
scour the main valleys or non-erosive, leading to cirque basins with post-glacial, fluvially
incised lower reaches (Ustaszewski et Pfiffner 2008). After the last deglaciation, tributaries
draining the side valleys developed large alluvial fans; which subsequently modified the trunk
valley and covered relict traces of erosional processes (Reynard 2009). Currently, the Rhone
is a strongly regulated Alpine river with an annual mean discharge of 1,720 m3 s™! at its mouth
and a specific discharge of 17.8 | st km™ (Olivier et al. 2009).

Norton et al. (2011) computed denudation rates over late Holocene timescales (0.5-3 kyr) in
the Eastern and Southern Alps. They measured concentrations of beryllium-10 (*°Be) in 37
samples of detrital quartz from 33 streams of the Eastern Alps of Northern Italy and Western
Austria. For calculations, they used the scaling laws of Dunai (2000) and production equations
of Schlatter et al. (2005). Two denudation rates assuming an initial exposure age of 15 kyr and
cosmogenic steady state were estimated. To capture the maximum variability of each
catchment, Norton et al. (2010) adopted a semi-random sampling scheme. The basin-
averaged denudation rates range from 170 to 1,400 mm kyr! for the Eastern Alps (Norton et
al. 2011). In a separate study, Norton et al. (2010) focused on 13 tributaries of the upper
Rhéne (Appendix 3) and derived denudation rates between 60.5 and 2,080 mm kyr®. The
results show a difference of two orders of magnitude in denudation rates in the region, with
glacial catchments having denudation rates between 760 to 2,800 mm kyr* and non-glacial
catchments denudation rates between 60.5 and 560 mm kyr* (Norton et al. 2010).
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Based on the results presented in Norton et al. (2010), we selected one glacial and one fluvial
catchment. The outlets of the catchments are located around 110 km upstream of Martigny
in the communes of Goms and Obergoms. They are located north of the Rhéne River and
underlain by the Aare Massif. The Aare Massif, which consists mostly of foliated gneisses with
schists present in highly sheared zones (Labhart 1977).

The “Minstigerbach” (Mins) catchment has a total area of 15.4 km?, a mean slope of 31° and
a mean altitude of 2492 m. An upstream western part of the tributary basin is covered by the
Minstiger glacier of ca. 2.17 km2. This catchment is characterized as a glacial catchment and
has a mean denudation rate of 2,120 + 25 (steady-state) and 2,080 + 25 (15 kyr) mm kyr™.
(Figure 5; Federal Office of Topography swisstopo s. d.; Norton et al. 2010).

The “Niderbach” (Nider) catchment is located ca. 2.75 km to the East of Mins (Federal Office
of Topography swisstopo s. d.) and drains a total area of ca. 3.4 km? with a mean slope of 29°
and a mean altitude of 2,312 m. Three small lakes are present in the upper part of this fluvial
catchment. Nider 1 and Nider 2 are two sub-catchments located in the upper zone of the
catchment (Figure 8). Nider has a catchment-averaged denudation rate estimated at 218 + 25
(steady-state) and 199 + 25 (15 kyr) mm kyr!. For Nider 1 and Nider 2, the denudation rates
are 159 + 17 and 144 + 11 (15kyr) mm kyr! (Norton et al. 2010; Figure 5).
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Figure 5 : Location map of the upper Rhéne Valley, showing the canton of Valais with the two catchments Mins and Nider.
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3. Material and methods

3.1. Compilation of landslide inventory

The core dataset of this study is based on an inventory of active landslides that was assembled
for the two selected catchments. Primary data used for landslide mapping were:

- Orthophotos with 1 and 2.5 m of resolution (2016) from SwissTopo open data
repository (Federal Office of Topography swisstopo s.d.;
https://www.swisstopo.admin.ch/en/geodata.html)

- Digital Elevation Model (DEM) with 2 m of resolution (2016) from SwissTopo open data
repository (Federal Office of Topography swisstopo s.d.;
https://www.swisstopo.admin.ch/en/geodata.html)

- Satellite images (2007) from Google Earth Pro 7.3.

A historical landslide inventory consists of a single map including all landslide events that have
occurred over a certain period. The landslides, reported in QGIS, were identified from data
from 2007 and 2016. The Orthophotomosaic Swissimage (called “journey through time”) of
Swisstopo allows to interactively explore the evolution of the landscape from 1976 to the
present day for Switzerland. Based on it, all the landslides mapped in 2016 were also identified
from 1976 to 2016 with fresh morphological appearance and very poor or absence of
vegetation cover. Before 1976, aerial photographs were not taken as frequently over time and
those available are not of sufficient resolution and quality to observe and judge the presence
of these same landslides. However, in the literature, the probability of landslide occurrence
over a hundred years is in the order of 0.5 to 1 (Guzzetti et al. 2005; Schlogel et al. 2015).

Each landslide that was identified based on the remote sensing data was characterized for its
spatial extent (surface area) and its landslide type. Based on Varnes (1978) and Hungr et al.
(2014), two main types were identified: rotational landslides and rockfalls. A rotational
landslide is defined as a “sliding of a mass of homogeneous and usually cohesive soil on a
rotational rupture surface with little internal deformation”. The velocity of this type of
landslide is usually slow to rapid. The shape of the rupture surface of a rotational slump in
cohesive soils is usually represented by cylindrical or ellipsoidal forms. However, in reality, the
surface shape complexity depends on the type of material, permeability and saturation of the
mass movement but also on the shape of the Earth’s surface beneath (Hungr et al. 2014).
Rockfall refers to a mass of any size detached from a steep slope or cliff and along a surface
on which little or no shear displacement occurs. The mass movement vary from very rapid to
extremely rapid because the mass descends mostly through the air by free fall, leaping,
bounding or rolling. The material of a rockfall especially comes from an area of bedrock and
debris fall is composed of detrital fragments prior to failure (Varnes 1978).

Production of landslide inventory maps can be challenging because of difficulties in
distinguishing clear boundaries between the failure areas and unaffected terrain, as well as
identifying the type of landslide based on high-resolution remote sensing or topographic data.
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The color, tone and texture of the satellite images depend on the light reflected by the surface,
soil and vegetation types. To overcome this shortcoming, we used Google Earth satellite
images. This second dataset helped us to clearly observe the surface characteristics, the type
of material but also to check or find the exact limits of landslide features, to individualize or
distinguish more complex landslide features (and avoid grouping single features). Other DTM-
derived topographic variables, i.e. slope, aspect and hillshade, were also helpful to properly
draw landslide extents.

To have consistent coverage, we defined the minimum mapping unit for the landslide
inventory at 5 m2. This corresponds to the size of the smallest landslide that was reported.
Rockfalls and rotational landslides were mapped at the 1:500 scale and 1:200 for the smallest
landslides. For each landslide feature, a polygon was drawn that corresponds to the affected
area of single and active landslide features. The landslides dataset was produced in QGIS and
the two catchment limits were computed using the LSDTopoTools software (Clubb et al. 2017).

3.2. Statistical analysis: magnitude-frequency distributions

The dependence of landslide frequency on landslide area is computed from the landslide
inventory (Figure 10). The landslide probability density function is defined by Malamud et al.
(2004) as:

1 6N,

— =t 5

p(AL) =

where:

- p(A,) is the landslide probability density which is the landslide frequency density,
f(A.), divided by the total number of landslides in a substantially complete landslide
inventory, N;r .

- Nyris the total number of landslides in an inventory.

- 0N, /64, is the number of landslides with areas between A; and A; + 64, .

The frequency density, f(4;) of landslide areas is the number of landslides §N; with an area
between A; and A; + A, divided by a width of bin, §4; . In this study, the nominal bin width
for magnitude-frequency distribution computation was fixed at 20,000 m. The latter was
transformed in order to obtain a constant in the logarithmic scale.

The fit of the landslide inventory distribution is a three-parameter inverse-gamma distribution
(by maximum likelihood) (Equation 1; Malamud et al. 2004). This distribution is defined by
the three parameters: p, a and s. The scaling exponent f§ representing the power law decay
for medium and large values is associated to p + 1 and the rollover location is represented by
a.
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3.3. The estimated total volume of landslide material (and LMR)

Unlike a landslide area, landslide volume is not directly measurable using topographic data or
aerial photographs. However, the empirical volume-area scaling relationship (Equation 2)
helps to derive the landslide volume from the landslide-affected area (Hovius et al. 1997;
Guzzetti et al. 2009; Larsen et al. 2010). Larsen et al. (2010) characterized this relationship
(Equation 2) with the intercept @ = 0.146 and the scaling exponent y = 1.332. These values
were obtained empirically for small landslides with an area < 100 000 m? (Table 2) that mix
bedrock and soil failures (Larsen et al. 2010).

By applying the empirical equation developed by Larsen et al. (2010) to our landslide
inventory, we obtain the total volume of sediment that is mobilized by landslides, TVL, using
equation 3. In this study, we used this volume to derive the landslide mobilization rates with
equation 4, and made abstraction of the fact that the displaced material from the landslides
can move downslope over a relatively short distance (Rickenmann 2005) and can be deposited
on or at the bottom of the slope. As such, this volume of sediment is not necessarily
completely removed, eroded from the failed slope or out of the catchment (Hovius et al. 1997;
Guzzetti et al. 2009; Broeckx et al. 2020). Given that a multitemporal study was beyond the
scope of this study, we defined two different time spans for the landslide inventory, TS, that
equaled 40 and 100 yr. These values are based on analyses of aerial photographs (Federal
Office of Topography swisstopo s. d.) and literature review (Guzzetti et al. 2005; Schlogel et
al. 2015). A high landslide mobilization rate, high LMR, is related to a TS of 40 yr (between
1976 and 2016) and a low LMR to a TS estimated at 100 yr.

3.4. Connectivity index

Cavalli's sediment connectivity index (IC) represents the probability that sediment at a certain
location of the valley will arrive in a specific sink (i.e. the outlet, the stream channel, etc.) by
considering the small-scale hillslope morphometry. The IC values are defined and calculated
locally for each raster cell of the high resolution DTMs (Borselli et al. 2008; Cavalli et al. 2013)
as:

D
IC = log,o > (6)
an

where Dy, and Dg, are respectively the upslope and downslope components of the
connectivity (Figure 6).

The D, is the potential for downward routing of the sediment that was produced
upslope. Dy, is calculated based on the values of the upslope contributing area, its average
weighting factor W and its average slope gradient. The second component D, ,, takes into
account the flow path length that a particle has to travel to reach the nearest target or sink.

19



D, is calculated on each cell with the length of the flow path according to the steepest
downslope direction, the weighting factor and the slope gradient (Cavalli et al. 2013).

To calculate contributing area, the Cavalli’s IC tool uses the multiple flow D-infinity approach
(Tarboton 1997) related to the cell size of high-resolution DTMs. Borselli’s initial model
defined a weight factor that is related to the impedance of the upslope and downslope
components of the sediment cascade to runoff and sediment flux, and is related to land use
and roughness. Borselli et al. (2008) used the C-factor of Revised Universal Soil Loss Equation
(USLE-RUSLE) models to estimate soil impedance (Wischmeier et Smith 1978; Renard et al.
1997). However, in alpine catchments, large unvegetated areas are frequently observed.
Therefore, a roughness index needs to reflect the resistance to sediment transport and
transfer by e.g. debris flows. The surface roughness depends on the characteristics of
outcropping rock and debris. As such, Cavalli et al. (2013) measured the topographic surface
roughness as the standard deviation of the residual topography measured at a scale of few
meters. The residual topography is then computed as the difference between the
unsmoothed and smoothed DTMs derived by averaging DTM values using moving windows.

IC is defined in the range of [ —oo, +o0 |. Larger IC values mean higher connectivity (Cavalli et
al. 2013).

A(AW,S)

Dy = WSVA
UPSLOPE
COMPONEN|

Reference element
=" (point or cell)

(di, Wi, S5)

Din =Sy sl A
DOWNSLOPE| _—— 7 ' %,

\f

Permanent drainage line or local sink__——3es
(e.g.: river - road - lake - urban arca)

Figure 6 : Connectivity index upslope and downslope
components (modified by Cavalli et al., 2013 after Borselli et al.,
2008).

Using Cavalli's IC tool, we focused on two different aspects: (1) the sediment delivery across
the whole drainage system to assess the potential connection between hillslopes and
catchment outlets, and (2) the sediment coupling-decoupling between hillslopes and a
selected main channel. We therefore aimed at assessing, respectively:

(1) IC outlet as the probability that sediments from a given sediment source will reach
the catchment outlet to get an idea of potential connection between hillslopes and
catchment outlet and
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(2) IC channel as the probability that sediment eroded from hillslopes will reach the
main channel to observe where hillslopes sediments are potentially coupled or
decoupled with the main channel.

The IC outlet was calculated with respect to the main channel of each catchment (Table 1). To
derive the IC channel, a target feature was added in the IC channel workflow (Table 1). The
adapted Cavalli’'s model was used in a stand-alone application, i.e. SedInConnect,
implemented via a GIS procedure (Crema et Cavalli 2018). Input raster files used by
SedInConnect are GeoTIFF format and input target features layer is a shapefile. Both /IC indices
were computed using the W weighting factor, demonstrated by Cavalli et al. (2013) as the
surface roughness computed with the standard deviation of the residual topography from
DTMs.

Table 1 : Input raster and shapefile files used in the SedInConnect application to compute IC index with respect to the main
outlet (IC outlet) and with respect to the main channel (IC channel) for each alpine catchment Mins and Nider.

IC outlet IC channel
Input DTM raster (.tif) filled DTM filled DTM
Input cell size (m) 2 2
Input target polygon (.shp) / main channel

The main channels (used as the target in the IC channel) (Figure 7; Figure 8), were delineated
in order to select the portion of the streams capable of effectively transporting eroded
sediment. Firstly, the channel networks were computed with the SAGA QGIS Module “Channel
network” for both Mins and Nider catchments (Figure 7; Figure 8), with the river initiation
threshold of 50 000 m2. Secondly, the two main channels were manually selected on the
channel networks to analyze elevation and discharge capacity along them (Figure 7; Figure 8).
The discharge capacity has been defined as (Whipple et Tucker 1999):

f(A™ x S™) (7)

where A is the drainage area, S the slope gradient of the riverand m =1/3; n = 2/3.

A moving window of 40 m was used to derive the stream capacity (Equation 7; Figure 9). The
profiles helped to determine where to cut and to select the portion of the main channels to
use the more powerful portion as a target feature for the IC channel. In Mins, the discharge
capacity highly increases downstream of the Minstiger glacier. Downstream of the front of the
glacier (around 1.2 km downstream of the source), the discharge capacity looks almost
constant (Figure 9a). This downstream part of the main channel was qualified as capable of
effectively transporting eroded sediment and therefore selected as a target feature for the IC
channel (Figure 7). In Nider, two knickpoints appear around 0.8 and 1.3 km downstream of
the source (Figure 9b). The second one is located at a lake. This lake plays the role of local
base level for the stream where the water of the stream has less velocity and energy to erode
and transport sediment. Downstream of this lake, the water starts again to flow with more
velocity and energy. This is where the target channel feature has been cut (Figure 8).
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Figure 7 : Channel networks (computed with the SAGA QGIS Module “Channel network”; threshold value greater than 50 000
m?), main channels and selected main channels used for the IC index for the Mins catchment of the upper Rhéne Valley.

Background map : https://www.swisstopo.admin.ch/en/geodata.html.
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Figure 8 : Channel networks (computed with the SAGA QGIS Module “Channel network”; threshold value greater than 50 000
m?), main channels and selected main channels used for the IC index for the Nider catchment of the upper Rhéne Valley.

Background map : https://www.swisstopo.admin.ch/en/geodata.html.
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Figure 9 : Longitudinal profile and f(AmS") (with a moving average window of 40 m) of: a) Mins (Figure 7) and b) Nider main
channel (Figure 8).
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4. Results
4.1. Landslide inventory and frequency-area distribution

The total number of landslides mapped is composed of 533 single features. In the Mins
catchment, 374 landslides were mapped over a surface area of 15.46 km?. They comprise 291
rockfalls of 6 to 93,392 m? that are mainly located in the headwaters of the catchment close
to the glacier but also present on the lower slopes. In addition to falls, 83 rotational landslides
with an area between 6 and 908 m? were mapped (Figure 10; Table 2).

¥

Type of landslide
B [ rockfall
I rotational landslide

[ catchment limit
Minstiger glacier

1.5km

&

Figure 10 : The landslide inventory map for two tributary catchments located in the upper Rhéne Valley, Swiss Alps. This map
was produced based on orthophotos, digital elevation models and satellite image interpretation. This figure’s location is
shown in Figure 5.

The Nider catchment has 156 landslides over a surface area of 3.4 km2. In this fluvial
catchment, we mapped 73 rockfalls with an area between 59 and 29,314 m? and 83 rotational
landslides between 5 and 8,880 m?. Here, rockfalls were also primarily located at the foot of
rock faces and further down the same slope. The rotational slides were smaller events
(Appendix 1b), and mostly occurred in the lower part of the catchment (Figure 10).
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The two landslide-area probability density distributions showed that small landslide

(€100 m?) events were more frequent than big landslides (> 100 m?) (Figure 11). Small
landslides were mostly rotational landslides and bigger ones were rockfalls in the two
catchments (Appendix 1; Appendix 2). Therefore, in the two catchments of the upper Rhone
Swiss Valley, the probability to observe small-scale rotational landslides was higher than larger
rockfalls. For the two catchments, the total surface area affected by landslides were about
0.07%. More rockfalls were mapped in the glacial catchment than in the fluvial catchment and
more rotational landslides in the fluvial catchment than in the glacial catchment. The rockfalls
density was about 0.077% and 0.059%, and the rotational about 0.0004 % and 0.0072 % for
the glacial and fluvial catchments, respectively (Figure 11).

When fitting the inverse-gamma distribution to the data, the probability density functions of
landslide area distributions p(A;) (Equation 5) showed a good visual match with a three-
parameter inverse-gamma distribution (Equation 1; Figure 11). The residual standard error
(RSE) was < 0.0015 and the three parameters were significantly different from zero (Table 2).
These elements thus showed an equivalent fitting between the modeled and the observed
values. The power law exponent S of the fitting was estimated at 1.29 + 0.05 for Mins and at
1.18 + 0.03 for Nider landslide inventory (Figure 11; Table 2). The rollover of the inverse-
gamma a parameter, was: 15.38 and 5.75 for the Mins and Nider catchments, respectively
(Table 2).

Table 2 : Three-parameter inverse-gamma fitting of the landslide area distributions of the inventory (Equation 1)
(*** p < 0.01).

Mins catchment Nider catchment
Catchment area (km?) 15.46 3.42
Total number of landslides, N 374 156
Total number of rockfalls 291 73
Total number of rotational landslides 83 83
Total area affected by landslides (km?) 1.20 0.23
;Slf;tillfllfr::;ea affected by landslides 0.08 0.07
;Slf;?/fllfr::;ea affected by rockfalls 0.0774 0.059
Specific area affected by rotational
Iapndslides (km?/ km?) ! 0.0004 0.0072
Mean area of landslides (m?) 3,216 1,447
Smallest landslide area (m?) 6 6
Largest landslide area (m?) 93,392 29,314
p parameter 0.29+0.05™" 0.18 +0.03™
Power law exponent f§ 1.29 £ 0.05 1.18 £ 0.03
a rollover location (m?) 15.38 +3.21"" 5.75+1.42"""
s parameter (m?) 0.97+1.17 3.26 +0.53™"
Residual standard error of fit 0.0010 0.0014
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Figure 11: Landslide probability density p(A;,) (Equation 5) as a function of landslide area A, for: a) Mins and b) Nider landslide
inventory on logarithmic axes. The red line is the best 3-parameter inverse-gamma fit (Equation 1) of this distribution by
maximum likelihood optimization with parameter values: (a) p = 0.29 + 0.05, a = 15.38 + 3.21, s = 0.97 £ 1.17
(RSE: 0.0010 on 37 degrees of freedom) for Nider and (b) p = 0.18 + 0.03, a = 5.75 + 1.42, s = 3.26 + 0.53 (RSE:
0.0014 on 30 degrees of freedom) for Mins.

4.2. Landslide mobilization rates (and denudation rates)

The total volume of landslide material mobilized (TVL; Equation 3; Larsen et al. 2010) in Mins
was ca. 4.23*10° m3. Based on this estimated volume of landslide-derived material, we
calculated a high and a low mobilization rate (LMR) assuming that the time span of
observations (TS) is about 40 yr and 100 yr. For Mins, we obtained a value of 6,837 for the
high, and 2,735 mm kyr? for the low LMR (Table 3). When comparing the LMR with the
catchment-averaged denudation rate (DR) published by Norton et al. (2010), i.e. the LMR/DR
ratio, we observe that LMR values were in a range between 1.3 and 3.3 times higher than the
denudation rates (Table 3).

In Nider catchment, the TVL was around 6.53*10° m3. For the high and low LMR, we obtained
4,771 and 1,909 mm kyr!. Therefore, its LMR/DR ratios were about 24 and 9.6 times higher
than the denudation rate. For both sub-catchments, the TVL was close to 2*10° m3. The range
of high and low LMR values was ca. 5,380 - 2,152 mm kyr! for Nider 1 and 6,052 - 2,421 mm
kyr! for Nider 2. Over these two sub-catchments, the LMR-DR ratio were the highest; on
average the LMR were about 29 times higher than the denudation rates (Table 3).
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The TVL was 6.5 times higher in the glacial catchment than in the fluvial catchment, which is
not surprising given the 4.5 times larger surface area of Mins compared to Nider. Moreover,
the LMR was also 1.4 times higher for Mins than for Nider. However, these LMR were almost
of the same order of magnitude over Mins catchment and Nider sub-catchments.

Based on these results, the LMR of sediments mobilized by landslide processes were more
important than the denudation rate over a thousand years at catchment scale; and even
higher in the fluvial catchment as compared to the glacial catchment (Table 3).

Table 3 : Denudation rate (Norton et al. 2010), estimated TVL (Equation 3) and LMR (Equation 4) for (sub)-catchments. High
and low LMR are respectively related to an inventory time span of 40 yr and 100 yr.

Catchment Derlud[ation TVL High II(' Mf High Low :;MT Low

area [km?] rak‘:/r_'l';m [m?] [L“:';m_‘z’;r_lll LMR/DR [L“:';m_‘z’;r_lll LMR/DR
Mins 1546 2,080+940  4.23*10°  6,837.05 3.29 2,734.82 131
Nider 3.42 199£25  653*105 477135 23.98 1,908.54 9.59
Nider 1 0.97 159+17  210%10°  5379.62 33.83 2,151.85 13.53
Nider 2 1.05 14411 2.54*105  6,052.00 42.03 2,420.80 16.81

4.3. Connectivity index (IC)

The sediment connectivity indices showed that the Mins catchment is relatively
homogeneously connected to the outlet and the main channel (Figure 13; Figure 14). The low
standard deviations of the IC channel and IC outlet demonstrate this constant connectivity
through the catchment (Table 4). These results show that sediments from different locations
within the Mins catchment have the same probability to get to the outlet or the main channel.
However, an exception is observed for the area located north of the Minstiger glacier,
upstream of the source of the main channel. There, the IC outlet (Figure 13) and the IC channel
(Figure 14) are higher than in the rest of the glacial catchment. The Minstiger glacier is also
well connected to the main channel (Figure 14; 5.4).

The sediment connectivity index of Nider divides the catchment into two parts (Figure 13;
Figure 14). This spatial pattern is even stronger for IC channel (Figure 14; Figure 12d) than IC
outlet (Figure 13; Figure 12b). This is illustrated by the relatively high value of the standard
deviation of the Nider IC channel compared to the other IC (Table 4). This difference in
potential sediment connectivity is also well observed on the histogram (Figure 12b; Figure
12d). The upstream is poorly connected to the main channel, while the downstream is
characterized by a higher connectivity to the main channel (Figure 14). The poorly connected
area is located upstream of the lake which represents a local base level for the stream, and a
barrier for the sediment connectivity within the catchment. Sediments upstream this local
base level have a low probability to reach the main channel or the outlet (Figure 13; Figure
14).
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The index maps (Figure 13; Figure 14) show different patterns of sediment connectivity in the
two catchments. In the glacial catchment, most of the sediments are quite homogeneously
connected the outlet or the main channel (Figure 13). In the fluvial catchment, the sediment
connectivity index divides the catchment into two parts: upstream area is highly connected
whereas downstream area is poorly lowly connected to the outlet and the channel (Figure
14). Most of the Nider potential sediment sources are also better connected to the main
channel than Mins sediment sources. This can be illustrated by the important differences in
the value of the third quantile of IC channel. The value of the third quantile of IC channel is
-1.78 for Nider and -3.39 for Mins (Table 4). In addition, both IC outlet and IC channel suggest
that the tributaries of the main channel are highly connected to the main channel as well as
the outlet (Figure 13; Figure 14). Based on IC channel, we also observe that areas close to any
part of the channel network are also well connected; and areas close to the trunk stream even
more (Figure 14).

Table 4 : Main statistics of the sediment connectivity index with respect to outlets (IC outlet) and main channel (IC channel) of
the two study catchments.

Minimum Maximum Mean Star_md:i\rd Median F|rst. Thm.i
deviation quantile quantile

IC outlet
Mins -6.56 3.38 -3.66 0.83 -3.68 -3.91 -3.41
Nider -6.49 3.01 -3.51 0.92 -3.37 -4.01 -3.09
Ic
channel
Mins -6.36 2.87 -2.73 0.74 -2.75 -3.22 -2.29
Nider -6.41 2.59 -2.70 1.19 -2.39 -3.87 -1.78
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Figure 13 : IC outlet as an index of connectivity computed with reference to the outlet of the studied catchments. IC values are
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5. Discussion

5.1. Landslide inventory and magnitude-frequency statistics

The statistics about landslide magnitude-frequency are based on the landslide inventory maps
that were created from very high-resolution orthophotos and DEMs (1 or 2 m resolution) from
Swisstopo. This data allowed us to digitalize landslides with a minimum mapping unit of 5 m?
and to define accurately their area, shape, location and type. Producing a historical inventory
of landslides at this spatial scale and with this minimum mapping unit is time-consuming.

For a landslide inventory to be complete (Malamud et al. 2004), it is necessary to analyze all
types of geomorphic features and digitize them on a topographic map. This is an arduous task
in practice as other types of mass movements occur in alpine catchments (more specifically in
the glacial catchment), where ice-avalanches are difficult to detect and digitalize. However,
the amount of sediments produced by ice avalanches can be significant in such an
environment. This work combined with a field study could help in verifying the presence of
avalanches (and ice content) and potentially adding it consequently to the digitalization.
However, the high-resolution data and fixed minimum mapping unit enable to produce an
accurate and complete inventory.

Moreover, as the inventory is also composed of rockfall and rotational landslide types, it could
also be used in the future to carry out field measurements that allow the differentiation of
landslide types. For example, it would allow to check if the two empirical area-volume
relationships (Larsen et al. 2010) are different depending of rockfalls and rotational landslides,
and so that landslides mobilized different volumes of material compared to their area
(Equation 2).

To verify the time span relevant for the inventory, we analyzed orthophotomosaics provided
by Swissimage, and concluded that almost all the mapped landslides were active between
1976 and 2016. To have an accurate measure of the activity of mass movements, we were
able to analyze the activity of each feature based on a time series analysis of SAR
Interferometry (InSar) data (Barboux et al. 2014; Kenner et al. 2014). Radar interferometry
can locate changes in the Earth’s surface by analyzing of the interference pattern caused by
the difference in phase between two images acquired by a spaceborne synthetic aperture
radar. The two images must be obtained from two distinct times (Massonnet et Feigl 1998).
The displacement rate of moving areas can be estimated by the interpretation of a differential
SAR Interferometry (DINSAR) dataset. In a study of the Western Swiss Alps, the DInSar-
detected movements showed a displacement rate ranging from a few centimeters to several
meters per year and were attributed to various types of mass wasting phenomena, e.g. rock
glaciers, landslides, etc. (Barboux et al. 2014). Dynamic and mean velocity information could
be integrated in this study in order to understand the dynamic processes in mountain areas.
Such information would improve the understanding of the impacts of slope mass movements
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on sediment dynamics in alpine catchments. Moreover, accurate kinematical data can help to
locate potential areas of erosion or deposition in a mountainous environment.

The Mins and Nider landslide probability density distributions (Figure 11) followed a power
law shape with a rollover behavior for small landslides. The divergence of small landslides
from the distribution was accepted and well fitted with a three-parameter inverse-gamma, as
proposed by Malamud et al. (2004). Estimated by the best model of this distribution (Table 2;
Equation 1), the two power law exponents of the Mins and Nider landslide area distribution
were 1.29 + 0.05 and 1.18 + 0.03, respectively. Our results are in good agreement with values
previously published in the literature, i.e. ranging from 1.16 to 2.4 (Table 5; Hovius et al. 1997;
Stark et Hovius 2001; Guzzetti et al. 2002; Malamud et al. 2004). However, the two power law
exponents of Mins and Nider (1.29 and 1.18) are in the lower range of previously published
values. This indicates that Nider and Mins have a relatively low number of large and medium
landslides but, a higher number of small landslides in comparison to landslide inventories
characterized by § = 2.40 (Malamud et al. 2004) or 8 = 2.50 (Guzzetti et al. 2002). In addition,
the rollover locations in this work are also lower than those found in the literature, which are
ca. 103 km? (Hovius et al. 1997; Guzzetti et al. 2002; Malamud et al. 2004) or 10 km? (Stark et
Hovius 2001). For Mins and Nider, the most abundant landslide areas were about 15 m?
(15*10°km?) and 6 m? (6*10°° km?), respectively, and thus smaller than generally found in the
literature. As a comparison, Hovius et al (1997) obtained a size value of 5,000 m? for the most
frequent landslide for their inventory in the Southern Alps in New Zealand, Malamud et al.
(2014) of 1,300 m? in Italy, and Guns and Vanacker (2014) presented a range between 102 m?
and 123 m?in Ecuadorian Andes (Table 5).

Table 5: Power law exponents of different inventories published in the literature.

Power law Rollover location (a) Landslide area range

Autor (Study area) exponent f (km?) (km?)
(Hovius et al. 1997) . .

1.16 5%1073 103-10°
(Southern Alps, New Zealand)
(Stzi\rk et Hovius 2001) )11 5¥10% 10°5- 10°
(Taiwan)
(Stark et Hovius 2001) 5 44-2.48 g*104 104- 102
(New Zealand)
(Guzzetti et al. 2002) 250405 %103 103- 102
(central Italy)
(Malar_nud et al. 2004) 5 40 13%10°3 10°5- 10°
(Umbria, Italy)
(Guns et Vanacker 2014) 2.00-2.43 1.02¥10%-1.23*10%  1.2*10°- 1.1¥102
(Andes, Ecuador)
This work (Swiss Alps, Mins) 1.29 +0.05 15*10°® 5*10°%-9*102
This work (Swiss Alps, Nider) 1.18 £0.03 6*10° 5*10°% - 3*102

The relatively high occurrence of small landslides in the inventory is probably related to the
minimum mapping unit that was used in this work (Table 5). Indeed, the mapped landslides
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had surface areas of several m? to hm? (10 - 102 km?), while in the literature values generally
range between several dm? to km? (10 — 10° km?). Most data sources do not allow mapping
landslide areas smaller than 10* km? and are omitted from the literature (Hovius et al. 1997;
Stark et Hovius 2001; Guzzetti et al. 2002). In this case study, the high resolution of the digital
photographs and the limited extent of the study area allowed us to include them in the
inventory. To conclude, the frequency distribution of landslide areas and the power law
exponent seem to be controlled by the minimum mapping unit.

5.2. Landslide mobilization rates

In Mins catchment, the high landslide mobilization rate (LMR) was estimated at

6,837 mm kyr!and the low LMR at 2,735 mm kyr! (Table 3). In the Nider catchment, we
observed lower values than in the Mins catchment with high and low LMR of respectively
4,771 and 1,909 mm kyr* (Table 3), respectively.

Other previously published LMR values have also been computed based on landslide
inventories. For the Alps, the mean LMR has been estimated at 2,700 mm kyr* (Broeckx et al.
2020). For catchments in Italy, Guzzetti et al. (2005, 2009) calculated a range of LMR values
between 1,447 and 2,509 mm kyr?, and Brardinoni et al. (2020) obtained values of ca.

1,917 mm kyr. As a consequence, the low LMR (Table 3) of Mins and Nider fits well within
the range of published values for the Alps. The low LMR values were based on a time span of
the landslide inventory (TS) that was fixed at 100 yr. Even if the LMR is higher in the glacial
than the fluvial catchment, the Mins low LMR (2,735 mm kyr!) remains very close to the mean
LMR of the Alps (2,700 mm kyr!; Broeckx et al. 2020). In contrast, the high LMRs (6,837 for
Mins and 4,771 mm kyr?! for Nider; Table 3) related to TS of 40 yr seems higher than the
aforementioned mean LMR value of the Alps (Broeckx et al. 2020).

5.3. Denudation rates

Catchment-averaged denudation rates for Mins and Nider catchments have been reported to
be of 2,080 + 940 and 199 + 25 mm kyr?, respectively (Norton et al. 2010). It shows that the
denudation rate in the glacial catchment is ca. 10 times higher than the fluvial catchment. The
surface covers of the two catchments is different, with heterogeneous rock and vegetation
cover. The surface of the Mins catchment is covered by bedrock (23%), debris (15%), glaciers
(18%) and soil (43%). In the Nider catchment, the surface cover is mainly soil (77%), as well as
bedrock (6%) and debris (17%) (Norton et al. 2010). The type of erosion processes and
transport depend on the surface cover. Compared to Mins, the high percentage of surface
area covered by soil and vegetation (77%) in the Nider catchment enhances soil stability and
reduces the susceptibility to erosion processes. In addition, the high Mins denudation rate is
related to the relatively high percentage of debris surface cover and the presence of a glacier
in the uppermost glacial catchment (Norton et al. 2010; Figure 7). Indeed, the Minstiger glacier
potentially enhances the occurrence of specific glacial erosion processes, i.e. ice-avalanches,
rock glacier, solifluction lobes, etc.
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Rock glaciers are composed of a mix of various-size rock particles which, under a few meters
of non-permanently frozen rock debris (i.e. the active layer) are cemented by interstitial ice
(Kummert et Delaloye 2018). This debris landform is generated by a creep of frozen ground
and conveying debris from an upslope area (source area or rooting zone) towards their front
(Delaloye et Morard 2019). Active rock glaciers move at low speed, i.e. typically

0.1to 2 myr! (Delaloye et Morard 2019). The deformation of the ice explains the downslope
movement of a rock glacier. This deformation concentrates mostly in one main shear horizon
15-30 m deep or in some cases, in several of them located above the main one (Kummert et
al. 2018; Delaloye et Morard 2019). Lugon (2010) demonstrated that (an increase of) the
permafrost creep at the Ritigraben rock glacier (Valais, CH) became an important sediment
source for debris flows over the last few decades. This increase of the movement rate of the
rock glacier is induced by a general increase of the mean temperature and seems to occur
everywhere in the alpine arc (Lugon 2010; Kenner 2018; Kummert et Delaloye 2018). The net
debris production and amount of annual sediment delivery from the rock-glacier body into
the upper part of the debris-flow channel has been estimated between 100 and 700 m3 yr?!
depending on the direction of the rock-glacier (Lugon 2010). However, a direct coupling
between rock-glacier and debris-flow processes, and torrential events in the fluvial system is
difficult to establish. This is due to a temporal gap between the actual sediment production at
the front of the rock glacier and the entrainment of the accumulated material by debris flows
(Lugon 2010; Brardinoni et al. 2020). Immediate feedbacks may exist in a period of extensive
precipitation events. Rainfall events lead to active-layer detachment and failure at the snout
of the rock glacier (Lugon 2010).

When comparing the LMR with the catchment-averaged denudation rate (DR) published by
Norton et al. (2010), i.e. computing the LMR/DR ratio, we observe that ratios are larger for
the fluvial than for the glacial catchment (Table 3). In the Nider catchment, the LMR-DR ratio
was about 24 for the high LMR and 9.6 for the low LMR in comparison to 3.3 and 1.3 in the
Mins catchment (Table 3). For both sub-catchments (Figure 8), the TVL was close to 2*¥10° m3.
The high and low LMR values were about 5,716 and 2,289 mm kyr! on average for Nider 1 and
Nider 2, respectively, as compared to 4,771 and 1,909 mm kyr* on average over the entire
catchment. Therefore, over these two sub-catchments (Figure 8), the LMR-DR ratio were the
highest, i.e. ca. 37.5 for the high LMR and ca. 15.5 for the low LMR (Table 3). These differences
of TVL, LMR and LMR-DR ratio between Nider sub-catchments and catchment (Figure 8; Table
3) can be explained by the hypothesis stating that the lakes located in the uppermost part
(Figure 8) play a role in sediment storage for upstream sediments on the long term. The TVL
was on average three times lower, but the LMR ca. 1.2 and LMR/DR ratio ca. 1.6 higher for
both sub-catchments, than over the entire catchment on average (Table 3).

The denudation rates calculated by Norton et al. (2010) are based on cosmogenic nuclide
concentrations in stream sediments at the outlet of the catchments. These rates are
catchment-averaged values and do not allow the detection of spatial variations in denudation
rates within the catchments. To obtain insights about the spatial patterns of denudation rates,
a sampling along the channel network is required (Brardinoni et al. 2020). In the fluvial
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catchment, it was performed for two upstream sub-catchments (Figure 8). These two
denudation rates are 159 + 17 mm kyr? for Nider 1 and 144 + 11 mm kyr? for Nider 2. This
information revealed that the two Nider upstream areas have a lower denudation rate than
the entire catchment (199 + 25 mm kyr!; Table 3). For the glacial catchment, only the outlet
sample and the associated catchment-averaged denudation rate are available (Figure 7;
Norton et al. 2010). A detailed sampling in the upper part mainly covered by the glacier and
the downstream part, which has already experienced deglaciation, would allow the
exploration of spatial patterns in denudation rates.

In the upper Rhéne Valley, denudation rates of the lateral valleys, dissecting the north and the
south sides of the Rhéne, vary from 61 to 2,080 mm kyr? (Figure 15; Appendix 3). The highest
rates are found in the two glacial catchments Mins and Rec and the lowest in the fluvial valleys.
These two glacial tributary catchments are still currently glaciated in their uppermost parts
(Norton et al. 2010).

Moreover, a clear difference is observed in denudation rates for catchments located north
and south of the Rhéne river. The mean denudation rate is 447mm kyr! for glacial and fluvial
north valleys and 218 mm kyr* for only fluvial north valleys (Figure 15; Appendix 3). In the
south valleys, Norton et al. (2010) studied five fluvial valleys with an average denudation rate
of 752 mm kyr! (Ritz, Spi, Ch, Bet and L6u; Figure 15; Appendix 3). The fluvial north valleys are
less eroded than the fluvial south valleys. The northern tributaries of the Rhoéne river drain
the Aare Massif and the southern tributaries the Gotthard Massif. Despite differences in
lithological composition, the two massifs are mainly composed of gneisses and schists
(Labhart 1977). Moreover, Norton et al. (2010) discussed and rejected a lithological control
on the denudation rates. An alternative explanation of the difference in denudation rates
between the northern and the southern catchments could be related to the slope morphology
and the exposure to solar radiation. Indeed, solar insolation partially controls hillslope
asymmetry and the slope orientation influences the angle at which the sun’s rays strike the
surface, and therefore the collected solar energy and the slope temperature. In the Northern
Hemisphere, the surface temperature is generally higher and the vegetation cover is present
further upstream in south-facing than north-facing hillslopes (Pelletier et Swetnam 2017).
Large drainage areas, presence of glaciers, high relief, abundant exposed bedrock and
prevalence of debris flows have been demonstrated as driving elements for high denudation
rates in this region. However, it is difficult to attribute variations in denudation rate to one or
several of these causes, as elements may be interrelated and difficult to study independently
(Norton et al. 2010).

To conclude, the method used to estimate the denudation rate at the catchment scale can be
refined. Norton et al. (2010) determined denudation rates assuming steady-state erosion over
the last thousand years. This assumption of constant and uniform weathering and erosion
over the past 13,000 years, might not apply in deglaciating areas. Besides, the concentration
of cosmogenic nuclides in river sediment can be sensible to short-term fluctuations (over
years to decades) in sediment supply and transport. Over short time scales, deep-seated
landslides and rockfalls can supply sediment that is depleted in cosmogenic nuclides to the
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river network and affect the derivation of catchment-averaged denudation rates (e.g. Clapuyt
etal. 2019) .
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Figure 15 : Catchment-averaged denudation rates of fluvial (in green) and glacial (in blue) catchments of the upper Rhéne
Valley (Norton et al. 2010). Location of the selected catchments are shown in Appendix 3.

5.4. Sediment connectivity indices

The indices of sediment connectivity (/C) of the two catchments (Figure 13; Figure 14) show
the relevance of applying the Cavalli et al. (2013) scheme to estimate sediment connectivity
in alpine environments. The analysis of the IC channel (Figure 14) is quite different and more
illustrative than the IC outlet (Figure 13).

The Mins IC channel showed that sediments from the entire catchment have a similar
probability to reach the main channel (Figure 14). This IC channel slightly improves the
connectivity of some areas along the main channel and near the glacier compared to the /C
outlet. This improvement of connectivity to the main channel may be possible after a
deglaciation period. It might illustrate the potential coupling of the sediment sources present
in the glaciated area with the channel network in a future deglaciated time. Outside the
Minstiger glacier and nearby areas, the upper parts of both slopes of the glacial catchment
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are poorly connected to the main channel, whereas the lower slopes near the main channel
are highly connected (Figure 14). The connectivity varies along the main channel. Around
halfway of the channel, where the river morphology is anastomosing and partly covered by
thick alluvial deposits, the hillslopes are less connected to the channel than in other sections
(close to the source and outlet) where the channel is confined (Figure 14; Figure 10).

The Nider IC channel divides the catchment into two parts (Figure 14; Figure 16). The upstream
part of the catchment is only dominated with low I/C values, representing a relatively low
connectivity to the main channel. The lower part has higher IC values indicating that sediments
have a higher probability to be better connected to the main channel (Figure 14). The upper
sector includes the upper hanging valley, shaped by past glacial activity and actual periglacial
processes with gentle slopes. The sediment delivery to the main channel is very limited,
despite a lack of vegetation cover and the presence of thick sediment covers initially mobilized
in the upper steep rock slopes (Cavalli et al. 2013). The three lakes constitute effective barriers
to downstream sediment routing. Large colluvial features and thin but long rockfalls (Figure
10) cover the Nider 1 and Nider 2 floodplains (Brardinoni et al. 2020). These characteristics of
the upper part of the catchment and the lake as sediment sink or storage are well illustrated
by the higher LMR of Nider 1 and Nider 2 compared to the entire Nider catchment (Table 3).
The lowermost sector (Figure 16) is characterized by higher IC values and a lower spatial
variability (Figure 14) where the Nider main channel flows through a very steep, narrow gorge.
In this lowermost and more vegetated part of the catchment (Figure 10), the transfer
pathways from the ridge to the main channel are straight, steep and rather short (Figure 8;
Figure 16). Indeed, the sediment supply of sediment from hillslopes to the channel network
depends on active erosion processes (Cavalli et al. 2013). However, in this sector of the
catchment, the vegetation cover stabilizes the hillslopes, thus reducing their susceptibility to
erosion processes and lateral sediment transfer during ordinary rainfall events (Cavalli et al.
2013). Along the main channel extended over a relatively long distance of 3.25 km, on the
other hand, both the morphology and the relative connectivity slightly differ. These variations
in the fluvial morphology depends on the number, size and steepness of colluvial channels,
and thickness of colluvial deposits (Brardinoni et al. 2020; Cavalli et al. 2013) on adjacent
hillslopes in this lower sector (Figure 16). This Nider division (Figure 16) is quite similar to
sectors 1 and 3 of the geomorphological division developed by Cavalli et al. (2013) for the
Strimm catchment (Eastern Alps, Italy; Appendix 4).

When interpretating the IC outlet (Figure 13), we clearly see that hillslopes and the outlet of
the catchment are coupled, which makes the sediment delivery efficient. This sediment
coupling may hide small areas of deposition (i.e. sediments deposited around and in the lakes)
and present the Minstiger glacier as poorly connected to the outlet (Figure 13). Nevertheless,
the presence of lakes in the two catchments is relatively well represented. Indeed, lakes are
characterized by with very low IC values, indicating that they are poorly connected and
decoupled from the outlets (Figure 13) or the main channels (Figure 14).
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Figure 16 : Division of the Nider catchment into two sectors according to the values of the LMRs and IC.

Cavalli et al. (2010) adapted the IC in order to take include the presence of deposition
processes such as debris flows and channelized sediment transport. However, it does not take
into account the whole spectrum of processes modulating sediment transfer in mountain
areas. The improvement of the weighted W and slope S factors were not particularly
optimized for other hazardous events such as ice-avalanches or rockfalls. The specificity of the
study area, e.g. the importance of rockfalls (and the possibility to add ice-avalanches in the
glacial catchment), could be taken into account in the improvement of a new IC index.
Moreover, in the fluvial catchment, the /C outlet and IC channel show the same IC spatial
variation between the upstream and downstream parts (Figure 13; Figure 14; Figure 16).
However, the patterns of connectivity between the IC outlet and IC channel are slightly
different in the glacial tributary (Figure 13; Figure 14). Considering the specificity of sediment
production and transfer in the fluvial and glacial domains would increase the representation
of the sediment connectivity for alpine environments (although it might compromise the
simplicity of this GIS-model). In its present state, the proposed model of Cavalli et al. (2013)
appears suitable for a rapid spatial characterization of sediment connectivity related to the
transfer processes (i.e. debris flow and channelized sediment transport) in the alpine
catchments. Nonetheless, it appears clearly more adapted for fluvial ones.
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5.5. Comparison and relation between the main results: magnitude-
frequency distribution, denudation rate and sediment connectivity

The magnitude-frequency distributions of the landslide inventory are well fitted by an inverse-
gamma distribution. In addition, both distributions also confirm the idea of the divergence of
small landslides from the power law distribution (Figure 11). These results suggest that in the
fluvial and also glacial catchments, small landslides appear more present than medium and
large ones. Based on the inventory, landslide areas were converted into volumes (Equation2)
in order to assess landslide mobilization rates (Table 3). If we disregard that the sediment
cascade is perfect and that landslide mobilized material is efficiently transported to the outlet,
we can observe that the LMR values are ca. 1.5 times higher in the glacial catchment than in
the fluvial one (Table 3). Then, larger LMR values are observed when compared to the
denudation rates that integrate over the millennial timescale. This points to the importance
of landsliding as an erosion process at the catchment scale. Nevertheless, connectivity and
sediment transfer between hillslopes and channel network in alpine catchment are hard to
study (Bracken et al. 2015) and efficient connectivity does not always ensure an effective
downstream transfer of sediment (Cavalli et al. 2013).

In order to improve the understanding of this sediment connectivity, the /C indices (Cavalli et
al. 2013) were computed with the outlet (Figure 13) or the main channel (Figure 14) as targets.
The IC results demonstrate spatial patterns of sediment connectivity, which can be related to
the denudation rate and the sediment flux. In the fluvial Nider catchment, the two sub-
catchments have higher rates of LMR than for the entire catchment (Table 3) on average.
Sediment connectivity to the main channel and the outlet of these two upstream areas is
lower than the downstream part of Nider (Figure 13; Figure 14). Sediments that are produced
in the two upstream sub-catchments have thus a low probability to be routed to the main
channel and outlet because of this low potential connectivity. Therefore, there is a decoupling
between the sediment produced in these upstream parts of the catchment, and the sediment
dynamics in the lower parts that control the catchment-averaged denudation rates. This
observation also illustrates the role of the three upstream lakes and the tributaries of the main
channel located upstream (Figure 8). Indeed, rivers draining the upstream parts of the
catchment transport sediments to the lakes which act as temporary storage areas. By selecting
a certain portion of the main channel to compute the /C channel, a knickpoint was also
observed (Figure 9b). Upstream of its source, the channel network shows a very low sediment
connectivity. Linked to location of these storage areas, the catchment-averaged denudation
rate is higher than the sub-catchment-averaged denudation rates (Table 3). The spatial
division based on IC values between the uppermost and the lower part (Figure 14; Figure 16)
correlates with the difference in term of LMR and denudation rate in the fluvial catchment
(Table 3; Cavalli et al. 2013; Brardinoni et al. 2020). The upper sub-catchments with gentle
slopes (shaped by old glacial and present periglacial processes) and affected by erosion
processes are characterized by high LMR, relatively low sediment connectivity and low
denudation rates (long sediment residence times). Whereas the lower part of the catchment
seems to have a low LMR, it appears to have a relatively high sediment connectivity to the
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main channel and thus a higher denudation rate than the upper sector (Table 3; Figure 16). In
this downstream part, mobilized sediments have a high probability to be transported to the
outlet and thus have shorter residence times than in the upstream part. In addition, the
presence of a continuous vegetation cover is an indication of less erosion and more stable
slopes than upstream. A field investigation would however be required to characterize more
objectively and to quantify with accuracy the role of these two sub-catchments on sediment
fluxes within this fluvial catchment. Field study could also be useful to visualize and distinguish
the type of erosion, transport and deposition processes occurring in the two sectors (Figure
16). Geomorphic structures have a direct influence on the sediment connectivity and
denudation rates at catchment scale (Cavalli et al. 2013; Brardinoni et al. 2020).

For the glacial catchment, the link between LMR, IC maps and catchment-averaged
denudation rates are more difficult to interpret. In fact, we only possess one denudation rate
measured at the outlet of the Mins catchment (Figure 7). Moreover, the pattern of sediment
connectivity is homogeneous over the entire area (Figure 13; Figure 14) and the method used
does not take into account glacial processes. The Mins IC results show a relatively good
sediment connectivity to the main channel and the outlet, and especially from the glacier.
However, glaciers are temporary sediment storage areas. Glaciers are also a source of
sediments mainly produced by abrasion and crushing of larger blocks beneath the glacier
(Delaloye et Morard 2019). Therefore, the approach cannot be applied for computing
sediment connectivity in the glacial catchment. It is rather adapted to show what would be
the state after deglaciation by illustrating potential sediment pathways as a result of rapid
climate change, global warming and deglaciation in mountainous environments (de Winter et
al. 2012). Global warming cause permafrost degradation, vanishing glaciers and long-term
stability reduction of steep or icy mountain slopes (Haeberli et al. 2017). Within the next
decades, the ongoing global glacier melting (Houghton et Intergovernmental Panel on Climate
Change 1996) will transform these environments into new landscapes of bare bedrock, loose
debris, sparse vegetation, lakes and steep slopes with slowly degrading permafrost. In the
European Alps, the frequency of large rock avalanches is increasing as a consequence of
permafrost warming (Ravanel et Deline 2011; Fischer et al. 2012). Moreover, warm
temperatures in permafrost regions may also play a role in the response of slope stability to
extreme precipitation events (Rebetez et al. 1997). During the 20" century in all regions of
Switzerland, an increase in the number of extreme rainfall events, snowmelt and runoff are
observed. These trigger mechanisms contribute to sediment mobilization by hillslope
processes, e.g. debris flows events (Rebetez et al. 1997). By the middle of the 21° century,
drier conditions in summer and wetter conditions in spring, fall and early winter will likely
have a significant impact on the behavior of debris flows in the Swiss Alps. The overall
frequency of debris flows events might remain low, but the magnitude might increase due to
larger volumes of sediment delivered to the channels (Stoffel et al. 2014).
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6. Conclusion

This work allowed to assess the link between of short-term pulses of sediment production by
landslides and long-term catchment-averaged denudation rates and to explore possible
relations with the structural geomorphic connectivity in two alpine catchments of the upper
Rhéne Valley. Based on magnitude-frequency distributions, landslide mobilization rates and
sediment connectivity indices, links between landslide sediment mobilization rates and
denudation rates over thousands of years at catchment scale could be carried out. Our results
suggest that the landslide frequency-area distribution is not dependent on the presence of
glaciers in catchment and is similar in the glacial Mins and the fluvial Nider catchment.
However, denudation rate is dependent on erosion processes and geomorphic connectivity
which are different in the glacial and the fluvial catchment. Indeed, both magnitude-frequency
distributions show an inverse-gamma distribution with rollover behavior of small landslides.
When disregarding sediment storage and assuming that landslide mobilized material is
effectively transported to the outlet, we observe that the LMR values are higher in the glacial
catchment than in the fluvial one. Moreover, the LMR linked to landslides processes (rockfalls
and rotational landslides) accounts for a high fraction of catchment-averaged denudation
rates in the two catchments of the upper Rhéne Valley, and even a higher fraction in the fluvial
than in the glacial catchment. This stands in contrast with the catchment-averaged
denudation rates that are about ten times higher in the glacial catchment compared to the
fluvial.

In the glacial catchment, any clear spatial variation about denudation rate and sediment fluxes
across the catchment was highlighted. The ICindex is more adapted to represent the sediment
connectivity in fluvial settings but can be applied in glacial catchments to show the
hypothetical state after deglaciation or in the future due to global warming and permafrost
degradation. Whereas in the fluvial catchment, the IC result divides the catchment into two
parts. One the one hand, the upper hanging valley showed a relatively high LMR but a low
sediment connectivity to the main channel or the outlet and the presence of lakes as sediment
storage. Therefore, sediments that are produced in the two upstream sub-catchments have a
low probability to be routed to the outlet. The sub-catchments denudation rates are lower
than over the entire catchment. On the other hand, the very steep and narrow gorge (in the
center of which flows the main channel) presented low LMR with high sediment connectivity
to its main channel or outlet.
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10.

Appendix

Appendix 1 : Total number of landslides per landslide type per bin as a function of landslide area in the: a) Mins and b) Nider
catchments. Values on x and y axes are shown on a logarithmic scale.
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Appendix 2 : Non-cumulative (in black) and cumulative (in red) number of landslides (rockfalls and rotational landslides
combined) per bin for: a) Mins and b) Nider catchments. Values on x and y axes are shown on a logarithmic scale.
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Appendix 3 : Location map of the 13 tributaries where long-term catchment-averaged denudation rates are quantified.
(Glacial catchment indicated by squares, fluvial catchment by diamonds and southern catchment by triangles). Soil sample
locations are represented by the white symbols: ridge top with a diamond, valley side with a star, triangular faceted surface
with a triangle. (from Norton et al., 2010).
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Appendix 4 : Segmentation of the Strimm catchment (Italian Eastern Alps) into three sectors according to IC values (from
Cavalli et al. 2013)
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